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suppressed autoconversion, which results in negligible 
changes in cumulative precipitation as aerosol concentra-
tions increase. The increase in the frequency of updrafts 
with the low range of speeds alters the cloud-system organ-
ization (represented by cloud-depth spatiotemporal dis-
tributions and cloud-cell population) by supporting more 
low-depth clouds. The altered organization in turn alters 
precipitation spatiotemporal distributions by generating 
more weak precipitation events. Aerosol-induced reduc-
tion in solar radiation that reaches the surface induces more 
occurrences of small-value surface heat fluxes, which in 
turn supports the more low-depth clouds and weak precipi-
tation together with the greater occurrence of low-speed 
updrafts.

Keywords Aerosol · Mesoscale convective system · 
Evaporation · Stability · Gust front

1 Introduction

Black carbon (BC) aerosols (or absorbing aerosols) have 
been known to modify the temperature profile of the atmos-
phere by absorbing solar radiation. This modification raises 
the temperature of the atmosphere and lowers the level of 
solar radiation that reaches the surface and thus of temper-
ature, latent and sensible heat fluxes at the surface (Segal 
and Arritt 1992; Jacobson 2006, 2012; Ten Hoeve et  al. 
2012).

Considering the important roles played by stability and 
surface fluxes on clouds and precipitation (e.g., Houze 
1993; Lee et al. 2008a, 2014a), the probable BC-aerosol-
induced changes in stability and surface fluxes may alter 
the development of clouds, their associated microphys-
ics, and precipitation. Moreover, the BC-aerosol-induced 

Abstract This study investigates how the increasing con-
centration of black carbon aerosols, which act as radiation 
absorbers as well as agents for the cloud-particle nuclea-
tion, affects stability, dynamics and microphysics in a mul-
tiple-cloud system using simulations. Simulations show 
that despite increases in stability due to increasing con-
centrations of black carbon aerosols, there are increases in 
the averaged updraft mass fluxes (over the whole simula-
tion domain and period). This is because aerosol-enhanced 
evaporative cooling intensifies convergence near the sur-
face. This increase in the intensity of convergence induces 
an increase in the frequency of updrafts with the low range 
of speeds, leading to the increase in the averaged updraft 
mass fluxes. The increase in the frequency of updrafts 
induces that in the number of condensation entities and 
this leads to more condensation and cloud liquid that acts 
to be a source of the accretion of cloud liquid by precipita-
tion. Hence, eventually, there is more accretion that offsets 
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heating of the atmosphere and cooling at the surface have 
been shown to interact with cloud dynamical fields (e.g., 
updrafts) at various scales, thus altering cloud processes 
(Ramanathan et  al. 2001; Lau et  al. 2008; Wang 2009; 
Lee et al. 2014a). Although changes in atmospheric radi-
ative heating, surface cooling, and associated changes 
in surface heat fluxes, microphysics, and precipitation 
induced by increases in BC-aerosol loading have been 
extensively observed and discussed, their interplay with 
cloud dynamics has not yet been clearly understood (Tao 
et al. 2012).

In multiple-cloud systems, interactions among cloud 
cells create interesting features such as self-organization 
(or cloud-system organization) of the systems (Baker and 
Charlson 1990; Heylighen 2002; Morrison et  al. 2012). 
Self-organization is defined as a system-wide pattern that 
arises from interactions among cloud cells. The organiza-
tion can be characterized by the spatiotemporal variability 
of cloud properties such as cloud-cell depths and popula-
tion (Lee and Feingold 2013; Lee et al. 2014b). Few studies 
have investigated BC-aerosol-induced changes in stability, 
surface fluxes, microphysics, precipitation and dynamics in 
the context of cloud systems and their organization. Note 
that the organization is ultimately closely linked to pre-
cipitation spatiotemporal distributions or how precipitation 
with different intensities is distributed in time and space 
(Storer et  al. 2010; Lee 2011a; Lee and Feingold 2013). 
Hence, it is needed to not only improve our understanding 
of interactions between BC-aerosol loading, stability, sur-
face fluxes, microphysics, precipitation and dynamics, but 
also to examine their interactions in terms of cloud-system 
properties such as cloud-system organization. Toward this 
goal, this study investigates these interactions and their 
association with cloud-system organization and precipita-
tion distributions.

To fulfill the goal, numerical simulations are per-
formed using a cloud-system resolving model (CSRM) that 
resolves cloud cells and cloud processes. Using the CSRM, 
a mesoscale convective system (MCS) or a mesoscale cloud 
ensemble (MCE) is simulated. The MCS here is composed 
of various types of clouds from deep convective clouds 
whose tops grow to reach the tropopause to warm clouds 
whose tops are below the freezing level through shallow 
mixed-phase convective clouds whose tops are below the 
tropopause but above the freezing level. First, in the simu-
lated MCS, we examine how increasing BC-aerosol load-
ing affects total precipitation amount as traditionally exam-
ined in the previous studies (e.g., Rosenfeld 1999; Andreae 
et al. 2004; Qian et al. 2009; Wang 2013). Then, we iden-
tify associated cloud microphysical and dynamic processes 
in the context of aerosol-induced changes in stability. To 
better understand mechanisms that control aerosol effects 
on precipitation amount and associated cloud processes, we 

also perform analyses on cloud-system organization, pre-
cipitation distributions and surface fluxes.

2  The CSRM

The Advanced Research Weather Research and Forecast-
ing (ARW) model, a non-hydrostatic compressible model, 
is the CSRM selected for use in this study. A fifth-order 
monotonic advection scheme is used for the advection of 
cloud variables (Wang et  al. 2009). Simulations consider 
radiation processes by adopting the Rapid Radiation Trans-
fer Model (RRTMG) (Fouquart and Bonnel 1980; Mlawer 
et al. 1997).

The model in this study uses the bulk double-moment 
microphysics parameterization that emulates the bin 
microphysics scheme for the calculation of collection and 
sedimentation processes. This parameterization is gen-
erally referred to as a bin-bulk scheme and has been first 
implemented into Regional Atmospheric Modeling Sys-
tem (RAMS) at Colorado State University. This bin-bulk 
scheme has been created by Walko et al. (1995) and Mey-
ers et  al. (1997) and further developed by Saleeby and 
Cotton (2004, 2008). This study adopts the version of the 
bin-bulk scheme that is developed by Saleeby and Cot-
ton (2004, 2008). For this study, nucleation parameteriza-
tions in this version of the scheme are replaced by those 
that are described in Lee et  al. (2010). The size distribu-
tion of hydrometeors in the double-moment scheme used 
here obeys a generalized gamma distribution with fixed 
breadth. There are seven classes of hydrometeors in the 
double-moment scheme used here: droplets, rain, pristine 
ice, snow, aggregates, hail, and graupel. More details about 
the double-moment scheme used in this study are found in 
Lee et al. (2010) and Saleeby and Cotton (2004, 2008).

In this study, the radiative effect of aerosols is consid-
ered. It is assumed that aerosol particles are internally com-
posed of 6% BC and 94% organic compound by mass based 
on observations made by Allen et al. (2008). Aerosol par-
ticles also act as cloud condensation nuclei (CCN) and ice 
nuclei (IN). Based on this assumed mixture, the associated 
densities, and the ambient relative humidity, the radiative 
and activation characteristics of aerosol particles are cal-
culated. For example, single scattering albedo is approxi-
mately 0.89 at a wavelength of 470  nm for dry aerosol 
particles.

The aerosol mass mixing ratio is transported and 
removed from the atmosphere by nucleation and impacting 
scavenging. The supersaturation of air parcels is predicted 
and the predicted supersaturation is used for the activation 
of aerosol particles. Activated aerosol particles or mass 
is carried among hydrometeors by collision-coalescence 
and removed from the atmosphere once hydrometeors that 
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contain aerosols reach the surface. Following Feingold and 
Kreidenweis (2002), we assume that when a portion of 
the total hydrometeor mass of an original (hydrometeor) 
class is transported to a different class by microphysical 
processes such as collision-coalescence, the ratio of the 
aerosol mass (to the total aerosol mass) that is transported 
from the original class (in which the total aerosol mass is 
embedded before the transportation) to the different class is 
the same as the ratio of the hydrometeor mass (to the total 
hydrometeor mass before the transportation) of the original 
class that is transported. Aerosols return to the atmosphere 
upon evaporation or sublimation of hydrometeors that con-
tain aerosols.

3  Case description and simulations

The Tropical Warm Pool - International Cloud Experiment 
(TWP-ICE, 06:00 Local Solar Time (LST) January 23rd 
to 12:00 LST January 25th 2006) is carried out in Darwin, 
Australia (12.42oS, 130.89oE) (Fridlind et  al. 2010, 2012; 
Zhu et al. 2012) and an MCE is observed during the TWP-
ICE campaign. This MCE involves deep convective clouds 
reaching the tropopause and interacting with mixed-phase 
and warm clouds, as depicted by Zhu et al. (2012). A simu-
lation of this MCE over the TWP-ICE period of 2 days and 
6 h is performed over a three-dimensional domain and this 
simulation is referred to as the control run.

Large-scale forcings that represent synoptic-scale envi-
ronment are imposed on the control run at each time step by 
performing the temporal interpolation of the three-hourly 
observed soundings and the calculation of the tendencies 
of potential temperature and specific humidity based on the 
interpolated soundings (e.g., Fridlind et  al. 2010, 2012). 
For all simulations in this study, identical large-scale forc-
ings are applied. Hence, the identical advection, conver-
gence and divergence of temperature and humidity at syn-
optic scales are applied to all simulations in this study.

The TWP-ICE observation site includes both land and 
ocean areas (Fridlind et al. 2010, 2012). The low-lying land 
areas in the TWP-ICE domain become saturated during 
the monsoon season and behave in a manner that has been 
characterized as maritime in nature. Based on this and fol-
lowing Fridlind et al. (2010, 2012), the ocean surface type 
in the control run is assumed. Land areas that have been 
characterized as maritime in nature enable comparisons 
between the control run over the ocean surface and obser-
vation over the TWP-ICE site. Surface heat fluxes and sea 
surface temperature are predicted by the Noah land surface 
model (LSM) (Chen and Dudhia 2001).

A MCS (or MCE) is defined as a system which has its 
spatial length of ∼100 km or more in any direction (Houze 
1993). Based on this definition, 120 km is adopted as the 

length of the horizontal domain, while 20  km is applied 
to the length of the vertical domain to simulate the mes-
oscale system for the control run. Moreover, this domain 
length for the control run is similar to that of the TWP-ICE 
observation domain. Fridlind et al. (2010, 2012) suggested 
that simulations should be performed over a domain whose 
size is similar to that of the TWP-ICE observation domain, 
since this enables reasonable comparisons between simula-
tions and observations. The horizontal (vertical) grid spac-
ing is 500  m (200  m). Periodic boundary conditions are 
applied to simulations.

The initial size distribution and number concentration of 
background aerosol are shown in Fig.  1. Figure  1 is only 
for the altitude of 0.5 km in the planetary boundary layer 
(PBL) where aerosol concentration is higher than in other 
layers and it is assumed that the size distribution follows 
a tri-modal log-normal distribution. Modal diameter and 
distribution breadth of each of modes of the size distribu-
tion are assumed not to vary spatiotemporally, hence, aero-
sol particles in any grid points have the shape of the size 
distribution in Fig. 1. Based on the assumed tri-modal log-
normal distribution, the predicted aerosol mass is used to 
diagnose the aerosol number concentration that varies spa-
tiotemporally due to clouds, advection, and diffusion.

The assumption of unchanged size distribution can lead 
to an overestimate of CCN available for in-cloud nuclea-
tion (or secondary nucleation). This deficiency is found to 
be unimportant for strong convection here, because most of 
CCN are found to be readily consumed by primary nuclea-
tion. The primary nucleation occurring in cloud-free envi-
ronment predominantly determines cloud droplet number 
concentration (CDNC) and associated droplet size (i.e., 
microphysical factors). Hence, the role of the secondary 
nucleation (occurring in clouds) in microphysical factors, 
and cloud dynamics and cloud-system organization (i.e., 
macrophysical factors that are closely linked to microphysi-
cal factors) is negligible.

The background aerosol number concentration aver-
aged over the PBL at the first time step in the accumulation 

Fig. 1  Aerosol size distribution at an altitude of 0.5 km. N represents 
the aerosol number concentration per unit volume of air and D repre-
sents the aerosol diameter
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mode is ~100 cm−3. Note that most of CCN calculated with 
the general supersaturation range in nature are in accumula-
tion mode. The accumulation-mode vertical distribution of 
aerosol concentrations at the first time step that is applied to 
the control run is shown in Fig. 2. This vertical distribution 
is measured by aerosol counters and probes on the Egret 
and Dornier aircraft (Vaughan et al. 2008). As mentioned 
in the introduction, this study focuses on the effect of BC-
aerosol loading that contains a specific amount of BC, but 
not on aerosol chemical composition. So, to examine and 
isolate the effect of increases in BC-aerosol loading, the 
control run is repeated using an aerosol number concentra-
tion, or loading, at the initial time step that is increased by 
a factor of 3 in a layer between 1.5 and 3.1 km in altitude 
but with no changes in aerosol chemical composition. The 
increase in aerosol loading is based on Allen et al. (2008) 
who collected numerous cases of BC-aerosol pollution at 
the TWP-ICE site and made a composite of those cases. 
The composite showed that the perturbation of aerosols 
containing BC at and around the site of the TWP-ICE cam-
paign occurred frequently in that layer or in a layer strad-
dling similar altitudes. The composite also showed that the 
perturbation involves increases in aerosol concentration by 
a factor of ~3. The repeated simulation is referred to as the 

high-aerosol run. The accumulation-mode vertical distribu-
tion of aerosol concentrations at the first time step for the 
high-aerosol run is depicted in Fig. 2.

In addition to the control run and the high-aerosol run, 
more simulations were performed to support findings in 
this study. While a detailed description of those simula-
tions is given in the following sections, a brief description 
is given in Table  1. Note that all the simulations in this 
study adopt identical model setup (e.g., large-scale forc-
ings and grid length) except for differences among them as 
described in Table 1 and in the following sections.

4  Results

4.1  Temperature and stability

The vertical distributions of the time- and area-averaged 
radiative heating for the control run and the high-aerosol 
run from the start of the simulations to 12:00 LST on 
January 23rd, which is 5 min before the first cloud cell in 
the control run forms, is shown in Fig. 3. In this study, to 
obtain the area-averaged value of a variable of interest at 
each altitude to construct a figure such as Fig. 3, we collect 
grid points with non-zero values of the variable at each alti-
tude and each time step. Then, we sum up those values over 
these grid points with non-zero values at each altitude and 
each time step. Then, this sum is divided by the number 
of all grid points in the horizontal domain (whether these 
grid points have non-zero values or zero values) to obtain 
the area-averaged value of the variable at each altitude and 
each time step. In the following analysis, the domain-aver-
aged value (or the value averaged over the domain) means 
the value averaged over the whole domain throughout all 
altitudes. For this value, we collect grid points with non-
zero values of the variable throughout all altitudes over 
the whole domain and sum up these values over these grid 
points with non-zero values at each time step. Then, this 
sum is divided by the number of all grid points over the 
whole domain throughout all altitudes (whether these grid 
points have non-zero values or zero values) to obtain the 
domain-averaged value of the variable at each time step.

Fig. 2  Vertical distributions of aerosol concentration in the accumu-
lation mode at the first time step for the control run and the high-aer-
osol run,

Table 1  A description of 
simulations

Simulations Aerosol concentration in the layer between 
1.5and 3.1 km

Cooling from 
cloud-liquid evapo-
ration

Control run Observed Considered
High-aerosol run 3 times greater than in the control run Considered
Control-noevp run Observed Not considered
High-aerosol-noevp run 3 times greater than in the control run Not considered
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In general, the high-aerosol run has larger radiative heat-
ing than the control run does due to the larger concentra-
tion of solar-radiation-absorbing aerosols (Fig.  3). Most 
of the differences in the heating between the runs are seen 
between 1.5 and 3.1 km because a larger concentration of 
aerosols is imposed in the high-aerosol run for that layer 
at the initial time step. Associated with the larger radia-
tive heating up until 12:00 LST on January 23rd, the high-
aerosol run shows the higher potential temperature than 
the control run does between ~ 0.5 and ~ 4.5 km (Fig.  4). 
In the layer between ~0.5 and ~4.5  km, the high-aerosol 
run develops a greater stability than the control run does. 
This stability acts as an initial condition for the clouds that 
start to form around 12:00 LST on January 23rd. Due to the 
higher aerosol-induced radiative heating, the subsequent 
clouds in the high-aerosol run experience a more stabilized 
environment than those in the control run. Associated with 
the more stabilized environment, the first cloud cell forms 
10 min later in the high-aerosol run than in the control run. 
The first cloud cell forms at 12:05 LST and 12:15 LST on 
January 23rd in the control run and the high-aerosol run, 
respectively. In the following sections, analyses of results 
are performed for the period from 12:00 LST on January 
23rd to 12:00 LST January 25th.

To grant confidence to results here, first of all, we need 
to evaluate the simulations and the evaluation is performed 

in the following Sect.  4.2. In Sect.  4.2, we also examine 
aerosol effects on precipitation amount or cumulative pre-
cipitation as conventionally done in the previous studies. 
This examination enables comparisons between this study 
and the previous studies.

4.2  Microphysics, precipitation and cloud radiative 
forcing (CRF)

Area-mean rain rates or precipitation rates at the surface 
smoothed over 3 h for the control run and the high-aerosol 
run are shown in Fig. 5a. The simulated precipitation rate in 
the control run follows its observed counterpart well, which 
demonstrates that the simulations perform reasonably well. 
Supporting that simulations are performed reasonably well, 
cloud-top-height and cloud-size frequency distributions 
show a fairly good agreement between observations and the 
control run as shown in Fig. 5b, c. By utilizing reflectivity 
data from Multi-functional Transport Satellites (MTSAT), 
first, we identify cloud-top height at every observation grid 
point that corresponds to the simulation grid point and 
construct the distribution of cloud-top-height frequency. 
This observed distribution is compared to the simulated 
counterpart as shown in Fig.  5b. Figure  5b indicates that 
the control run and observations both have varying classes 

Fig. 3  Vertical distributions of the time- and area-averaged net radia-
tive heating from the beginning of the simulations to 12:00 LST on 
January 23rd for the control run and the high-aerosol run

Fig. 4  Vertical distributions of the area-averaged potential tempera-
ture in the control run and the high-aerosol run at 12:00 LST on Janu-
ary 23rd
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of clouds: warm clouds whose tops are below the freezing 
level, mixed-phase clouds whose tops are above the freez-
ing level and below the tropopause and deep convective 
clouds that grow to the tropopause. The averaged freezing 
level and the averaged level of the tropopause are 3.5 and 
17 km, respectively. Then, we identify cloud cells by look-
ing at cloud optical depth (COD) in the MTSAT observa-
tion and the control run. After those cloud cells are iden-
tified, an area that a cloud cell occupies is calculated and 
we transform the area to a circle that has an equal area to 

the area which the selected cloud cell occupies. We obtain 
the diameter of the circle and this diameter is used as the 
size of the selected cloud cell. This way of obtaining the 
diameter is repeatedly applied to all identified cloud cells. 
Finally, we obtain the sizes of all identified clouds and 
these sizes are used to construct the distributions of the 
cloud-size frequency in observation and the control run. 
These distributions in observation and the control run are 
compared in Fig. 5c.

The control run and the high-aerosol run show the simi-
lar time series of the area-averaged precipitation rate and 
thus the similar cumulative precipitation. The percentage 
difference in the cumulative precipitation at the last time 
step is ~3% between the runs; the high-aerosol run has ~3% 
greater cumulative precipitation. Although precipitation 
enhancement occurs in the high-aerosol run, the difference 
in total precipitation seems insignificant despite the three-
fold increase in aerosol concentration in the layer between 
1.5 and 3.1  km in the high-aerosol run. This is contrary 
to the previous studies that show much smaller total pre-
cipitation amount in polluted cases than in the clean cases 
(Rosenfeld 1999; Andreae et  al. 2004; Qian et  al. 2009; 
Wang 2013). As a first step to understand this, we perform 
analyses on sources and sinks of precipitation as follows.

The averaged differences in the sources and sinks of 
hydrometeors between the high-aerosol run and the control 
run are calculated and shown in Table 2. For the calculation 
of these differences, the sum of cumulative values of each 
of these sources and sinks over the whole domain at the last 
time step is obtained and divided by the area of the hori-
zontal domain for each run; for details of this calculation, 
see Lee et al. (2008b). These sources and sinks are obtained 
for the whole mass of hydrometeors that are able to precipi-
tate, following Lee et  al. (2008b). As found by Lee et  al. 
(2008a), among the differences in precipitation sources and 
sinks that are caused by aerosol increases, those in auto-
conversion and the microphysical processes that are related 
to accretion (or collection) of cloud liquid are dominant. 
That is, aerosol-induced increases in accretion of cloud liq-
uid by precipitation (or precipitable hydrometeors) mostly 
offset aerosol-induced decreases in autoconversion and 
result in the small difference in the precipitation amount: 
in this study, rain, snow, graupel, and hail constitute pre-
cipitable hydrometeors and for the expediency of budget 
analyses of precipitable hydrometeors, graupel includes 
hail in budget analyses here. However, terms associated 
with cloud ice, particularly accretion of cloud ice by pre-
cipitation, have negligible impacts on the differences in 
precipitation between the runs. This is mainly associ-
ated with the very low ice water path (IWP) and its vari-
ation with the increase in aerosol concentration compared 
to the liquid water path (LWP) and its variation. Here, the 
IWP and the LWP are the vertical integrals of cloud-ice 

Fig. 5  a Time series of the area-averaged precipitation rates in obser-
vations, the control run, and the high-aerosol run. Distributions of b 
cloud-top-height frequency and c cloud-size frequency (over cloud-
cell diameter) in observations and the control run
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content and cloud-liquid content over the vertical domain, 
respectively. The time- and area-averaged IWP is 77 and 
85 g  m−2, while the time- and area-averaged LWP is 819 
and 980 g  m−2 in the control run and the high-aerosol run, 
respectively. Hence, there are ~20 times larger increases in 
cloud-liquid mass (or the LWP) than in cloud-ice mass (or 
the IWP) with the increase in aerosol concentration. Thus, 
there are much larger increases in cloud-liquid mass than in 
cloud-ice mass that can be collected or accreted by precipi-
table hydrometeors. This leads to much larger increases in 
accretion of cloud liquid by precipitable hydrometeors than 
in accretion of cloud ice by precipitable hydrometeors. The 
much smaller increases in accretion of cloud ice is partly 
attributed to the fact that the altitudes of cloud ice tend 

to higher than those of precipitable hydrometeors, which 
reduce chances for cloud-ice particles to collide with pre-
cipitable hydrometeors.

Table 3 shows that condensation onto cloud liquid and 
its variation as the aerosol concentration increases are 
about one order of magnitude larger than glaciation and 
its variation as the aerosol concentration increases. Here, 
glaciation comprises all cloud processes that transform 
none-solid-phase particles to solid-phase particles. Thus, 
glaciation includes deposition as well as freezing or riming 
processes.

Considering that condensation and glaciation are main 
production mechanisms for cloud liquid and solid-phase 
particles (one class of which is cloud ice), respectively, 
condensation and its variation shown in Table 3 can reason-
ably explain why the LWP and its variation are much larger 
than the IWP and its variation. As discussed in Lee et al. 
(2008b), this large increase in condensation results in the 
large increase in cloud liquid or the LWP.

Associated with aerosol-induced increases in the LWP 
and the IWP, there are aerosol-induced increases in CRF. 
To calculate CRF, we collect the net shortwave radia-
tion fluxes over grid points at the top of cloudy grid col-
umns where the sum of the LWP and the IWP is not zero. 
Here, for the calculation of the net fluxes, we assign a plus 
(minus) sign to upward (downward) fluxes. These net fluxes 
are summed over those grid points (associated with the 
cloudy grid columns) and divided by the number of those 
grid points to obtain the averaged net flux over cloudy grid 
columns at each time step, referred to as  Fcld. Then, we 
collect the net shortwave radiation fluxes over grid points 
at the top of non-cloudy grid points where the sum of the 
LWP and the IWP is zero. These net fluxes are summed 
over those grid points (associated with the non-cloudy grid 
columns) and divided by the number of those grid points 
to obtain the averaged net flux over non-cloudy grid col-
umns at each time step, referred to as  Fclr. “Fclr minus  Fcld” 
is defined to be CRF at each time step. The time-averaged 
“Fclr minus  Fcld” over the period we focus on is −108.26 W 
 m−2 and −176.45 W  m−2 in the control run and the high-
aerosol run, respectively. Hence, there is an aerosol-
induced increase in the negative CRF by 68.19 W  m−2. At 
each time step, cloud albedo, the ratio of upward shortwave 
radiation fluxes to the absolute value of downward short-
wave fluxes, is also obtained over grid points at the top of 
cloudy grid columns. Then, cloud albedo is averaged over 
those grid points (associated with the cloudy grid columns) 
at each time step and the averaged cloud albedo at each 
time step is averaged again over the period we focus on 
to obtain the time-averaged cloud albedo. Associated with 
the increase in the time-averaged negative CRF, there is 
an increase in the time-averaged cloud albedo from 0.47 in 
the control run to 0.63 in the high-aerosol run. Increasing 

Table 2  Differences in cumulative sources and sinks of precipitation 
between the high-aerosol run and the control run, averaged over the 
study domain

Sources and sinks of precipitation (mm) Difference (high-
aerosol run – control 
run)

Sources
 Autoconversion −10.47
 Accretion of cloud liquid by rain 9.57
 Accretion of cloud liquid by graupel 2.62
 Accretion of cloud liquid by snow 0.95
 Accretion of cloud liquid by cloud ice 0.39
 Accretion of cloud ice by snow 0.03
 Accretion of cloud ice by rain 0.01
 Hallet-Mossop ice production 0.00
 Condensation onto rain −0.42
 Deposition onto cloud ice 0.30
 Deposition onto snow −0.03
 Deposition onto graupel 0.42
 Freezing of cloud liquid 0.00

Sinks
 Evaporation of rain −0.21
 Sublimation of snow −0.13
 Sublimation of cloud ice 0.38
 Sublimation of graupel 0.53
 Precipitation 2.80

Table 3  Cumulative cloud-liquid condensation, cloud-liquid evapo-
ration, glaciation, and sublimation, averaged over the study domain

Simulations Condensa-
tion (mm)

Evaporation 
(mm)

Glaciation 
(mm)

Subli-
mation 
(mm)

Control 181 91 23 15
High-aerosol 252 159 31 22
High-aerosol 

minus control
71 68 8 7
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aerosol concentrations and associated decreases in cloud-
particle size as well as increases in the LWP and the IWP 
contribute to the increases in the negative CRF and cloud 
albedo. For example, the averaged effective radius of drop-
lets over cloudy grid points with non-zero cloud-liquid 
mixing ratio and over the period decreases from 6.8 micron 
in the control run to 5.3 micron in the high-aerosol run.

It is well-known that updrafts or updraft mass fluxes 
control condensation by determining the level of supersatu-
ration; in general, increasing updraft mass fluxes enhance 
condensation. Hence, to understand the increase in con-
densation and associated increases in LWP that affect 
aerosol-induced changes in the precipitation amount, CRF 
and cloud albedo, in the following Sect. 4.3, we investigate 
updraft mass fluxes and associated convergence.

4.3  Dynamics

4.3.1  Updrafts

The vertical distributions of the time- and area-averaged 
updraft mass fluxes are shown in Fig.  6. Larger updraft 
mass fluxes develop in the high-aerosol run than in the con-
trol run. The largest updraft mass flux and the largest dif-
ferences in updraft mass fluxes between the runs are found 
in a layer between 3 and 5 km. The vertical distributions of 
the time- and area-averaged condensation rates are depicted 
in Fig. 7. Associated with the largest updraft mass flux and 
the largest difference in updraft mass fluxes between the runs in that layer, condensation rates and their difference 

between the runs are also largest in that layer.
Despite the larger initial stability and smaller convective 

available potential energy (CAPE), updrafts are stronger in 
the high-aerosol run than in the control run. The area-aver-
aged CAPE is 2830 and 2310 J  kg−1 for the control run and 
the high-aerosol run, respectively, at 12:00 LST on January 
23rd just before clouds start to form. If we consider the sta-
bility and CAPE only, it is expected that updrafts should be 
less intense in the high-aerosol run than in the control run, 
which is contrary to the results shown here.

The evolution of differences in the domain-averaged 
updraft mass fluxes between the control run and the high-
aerosol run is shown in Fig. 8a. When cloud development 
is at its beginning stage, the larger stability suppresses 
updrafts more in the high-aerosol run than in the control 
run. However, around 21:00 LST on January 23rd, the sign 
of the difference in updrafts between the runs is reversed. 
Associated with this, as seen in Fig. 7, before 21:00 LST 
on January 23rd, condensation is larger in the control run, 
while after 21:00 LST on January 23rd, condensation is 
larger in the high-aerosol run. Solid lines in Fig. 9 show the 
frequency distributions of the updraft speed for the high-
aerosol run and the control run over the period between 
12:00 and 21:00 LST on January 23rd, which is the period 

Fig. 6  Vertical distributions of the time- and area-averaged updraft 
mass fluxes for the control run and the high-aerosol run

Fig. 7  Vertical distributions of the time- and area-averaged conden-
sation rates for the control run and the high-aerosol run over different 
periods. Solid lines are for the period between 12:00 LST on January 
23rd and 12:00 LST on January 25th. Short-dashed lines are for the 
period between 12:00 and 21:00 LST on January 23rd. Long-dashed 
lines are for the period between 21:00 LST on January 23rd and 
12:00 LST on January 25th
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before the reversal in the sign of the difference in updrafts. 
Over all of the speed range, updrafts are less frequent in 
the high-aerosol run than in the control run, which results 
in the smaller domain-averaged updraft mass fluxes before 
21:00 LST on January 23rd (Fig. 8a). However, the short-
dashed lines in Fig.  9 shows that the frequency becomes 
larger for speeds below ~10 m  s−1 while the frequency for 
speeds above ~10  m  s−1 is still smaller in the high-aero-
sol run after 21:00 LST on January 23rd when the sign is 
reversed. Due to this, the sum of updraft speed over grid 
points with speeds below 10 m  s−1 increases, while the sum 
of updraft speed above 10  m  s−1 decreases with increas-
ing aerosol concentrations between the control run and the 
high-aerosol run after 21:00 LST on January 23rd. The 
increases in the sum associated with updraft speed below 
10  m  s−1 are greater than the decreases in the sum asso-
ciated with updraft speed above 10 m  s−1. This results in 
the larger domain-averaged updraft speed or updraft mass 
fluxes for all range of the updraft speed above 0 m  s−1 in the 
high-aerosol run after 21:00 LST on January 23rd (Fig. 8a).

Updrafts are rooted in convergence around the surface. 
As the basic principle of cloud dynamics indicates, air that 
converges around the surface induces upward motion (or 
updrafts) to satisfy mass conservation. More intense con-
vergence of air induces stronger updrafts. To examine the 

Fig. 8  Time series of differ-
ences in the area-averaged 
convergence at the surface, the 
domain-averaged updraft mass 
fluxes, negative buoyancy that 
is associated with evaporative 
cooling and downdraft mass 
fluxes a between the high-
aerosol run and the control run 
and b between the high-aerosol-
noevp run and the control-
noevp run

Fig. 9  Distributions of updraft frequency between 12:00 and 21:00 
LST on January 23rd (solid lines) and between 21:00 LST on January 
23rd and 12:00 LST on January 25th (short-dashed lines) in the con-
trol run and the high-aerosol run. Distributions for the period between 
12:00 LST on January 23rd and 12:00 LST on January 25th (long-
dashed lines) in the control-noevp run and the high-aerosol-noevp 
run are also shown
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root cause of the different evolutions of updrafts and con-
densation for the high-aerosol run and the control run, con-
vergence fields at the surface are examined in the following 
Sect. 4.3.2.

4.3.2  Convergence

The convergence in this study is defined to be the absolute 
value of “∂u/∂x+∂v/∂y” that has negative values. Here, u 
(v) are the horizontal wind in the x (y) direction. For the 
calculation of the area-averaged convergence, at each 
time step, we collect grid points with the negative values 
of “∂u/∂x+∂v/∂y” by excluding grid points with its posi-
tive values (or by excluding divergence) at an altitude of 
interest. Then, we sum up those negative values over those 
grid points at the altitude. We take the absolute value of 
this sum that is divided by the number of all grid points 
(whether these grid points have negative values or not) over 
the horizontal domain and this absolute value is the area-
averaged convergence at the altitude and each time step.

Convergence fields at the surface are superimposed 
on the column-averaged condensation rates as shown in 
Fig. 10. Here, for the column-averaged condensation rates, 
condensation rates at grid points where the updraft speed is 
lower than 10 m  s−1 are collected for each grid column and 
the collected rates are summed over these grid points. This 
sum is divided by the number of all grid points in each grid 
column to obtain the column-averaged condensation rates. 
Figure  10a, b show the condensation and convergence 
fields at 18:00 LST on January 23rd when the domain-
averaged updraft mass fluxes in the control run are greater 
(Fig.  8a). The control run shows the larger area-averaged 
convergence at the surface than the high-aerosol run does 
at 18:00 LST on January 23rd (Figs. 8a, 10a, b). Hence, the 
larger area-averaged surface convergence is correlated with 
the stronger updrafts that are averaged over the domain in 
the control run than in the high-aerosol run.

Remember that the large-scale forcings are identical 
among all of simulations in this study. Thus, there are no 
differences in convergence that is induced by large-scale 
forcings between the simulations in this study. This indi-
cates that the differences in convergence are induced by 
different processes and associated motions at cloud scales 
between the simulations as detailed below.

The greater domain-averaged updraft ,mass fluxes are 
due to the larger frequency of updrafts over the whole 
speed range in the control run before 21:00 LST on Janu-
ary 23rd (Fig. 9). More frequent updrafts induce more con-
densation entities, or cloud cells, in the control run than in 
the high-aerosol run as seen in Fig. 10a, b. More condensa-
tion entities produce a larger condensation rate that is aver-
aged over the domain in the control run, despite the fact 
that individual condensation rates are similar between the 

runs at 18:00 LST on January 23rd. This explains the larger 
domain-averaged condensation in the control run before 
21:00 LST on January 23rd as shown in Fig. 7.

Figure  8a shows that the area-averaged surface con-
vergence becomes larger at 19:30 LST on January 23rd, 
which eventually induces the larger domain-averaged 
updraft mass fluxes at 21:00 LST on January 23rd in the 
high-aerosol run. Figure 10c, d show the convergence and 
condensation fields at 22:00 LST on January 23rd, which is 
1 h after the high-aerosol run starts to have greater updraft 
mass fluxes. As exemplified by Fig. 10c, d, the high-aerosol 
run shows the greater area-averaged surface convergence, 
which provides favorable conditions for the development of 
more numerous updrafts with speeds under 10 m  s−1 after 
21:00 LST on January 23rd as shown in Fig. 9. The more 
frequent occurrence of updrafts with speeds under 10 m  s−1 
in turn provides favorable conditions for the development 
of more numerous condensation entities that can be consid-
ered to be cloud cells, in the high-aerosol run than in the 
control run after 21:00 LST on January 23rd (Fig. 10c, d). 
More condensation entities lead to the greater domain-aver-
aged condensation rate in the high-aerosol run after 21:00 
LST on January 23rd (Fig.  7), although individual con-
densation rates are similar between the runs. Note that as 
shown in Fig. 9, for updrafts with speeds above 10 m  s−1, 
there is a smaller frequency of updrafts after 21:00 LST on 
January 23rd in the high-aerosol run, which is associated 
with the smaller number of condensation entities and the 
smaller averaged condensation rate in the high-aerosol run 
after 21:00 LST on January 23rd when it comes to updrafts 
with speeds above 10 m  s−1 and condensation produced by 
them. This smaller averaged condensation rate associated 
with updrafts having speeds above 10 m  s−1 is offset by the 
larger averaged condensation rate associated with updrafts 
having speeds under 10  m  s−1. This offset results in the 
greater domain-averaged condensation rate in the high-
aerosol run than in the control run. To obtain the averaged 
condensation rate associated with the updraft speed above 
(below) 10 m  s−1, we collect condensation rates over grid 
points with updrafts whose speeds are above (below) 10 m 
 s−1 and sum those rates over these grid points. This sum 
is divided by the number of all grid points over the whole 
domain whether these grid points have the updraft speed 
above 10 m  s−1 or below 10 m  s−1 or 0 m  s−1 and this sum 
divided is the averaged condensation rate associated with 
the updraft speed above (below) 10 m  s−1.

Aerosol-induced increases in evaporation strengthen 
cold pool by cooling the atmosphere more. Here, cold 
pool is composed of downdrafts where evaporation and 
associated cooling occur (Houze 1993). Associated with 
the strengthened cold pool that provides enhanced nega-
tive buoyancy, there are increases in the intensity of 
downdrafts or air parcels that move downward. These 
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downdrafts with their enhanced intensity reach the sur-
face and generate a stronger outflow that spreads to the 
environment. The stronger outflow collides with warm 
air in the environment to form more intense convergence 
and updrafts (Lee et  al. 2010; Storer et  al. 2010; Lee 
2011b). In particular, aerosol-induced increases in cloud-
liquid evaporation are closely linked to the enhance-
ment of the intensity of downdrafts (Lee et al. 2008a, b, 
2010; Lee 2011b). Cloud liquid or droplets in downdrafts 
move together with downdrafts, thus, when downdrafts 

descend, cloud liquid descends while being included in 
downdrafts. Cloud liquid in the descending downdrafts 
evaporates. More evaporation of cloud liquid provides 
greater negative buoyancy to downdrafts so that they 
accelerate or intensify more (Byers and Braham 1949; 
Grenci and Nese 2001). Motivated by this, in the follow-
ing Sect.  4.3.3, we examine downdrafts and associated 
cloud-liquid evaporation as a way of better understanding 
aerosol-induced changes in convergence.

Fig. 10  Superposition of 
vertically averaged rates of 
condensation collocated with 
updrafts lower than 10 m  s−1, 
represented by black contours 
for 1.5 g  m−3  h−1, and the 
convergence field at the surface, 
represented by red contours for 
1.7 × 10−2  s−1. a and c are for 
the control run, b and d are for 
the high-aerosol run. a and b 
are for 18:00 LST on January 
23rd, c and d are for 22:00 LST 
on January 23rd
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4.3.3  Evaporation and downdrafts

The vertical distribution of the time- and area-averaged 
evaporation rate over the period between 12:00 and 21:00 
LST on January 23rd when updraft mass fluxes start to 
be greater in the high-aerosol run than in the control run 
is depicted in Fig. 11. Figure 11 shows that there is larger 
(smaller) cloud-liquid (rain) evaporation in the high-aero-
sol run. Most of evaporation above ~2 km is due to cloud-
liquid evaporation, while most of evaporation below ~2 km 
is due to rain evaporation. Less autoconversion induces the 
larger (smaller) cloud-liquid (rain) evaporation in the high-
aerosol run than in the control run by enhancing (reducing) 
the amount of available cloud liquid (rain) for evapora-
tion. Due to more cloud-liquid evaporation, there is larger 
evaporation-related negative buoyancy and this eventually 
develops stronger downdrafts at 18:00 LST on January 
23rd (Fig. 8a).

It is notable that when the stronger outflow driven by 
stronger downdrafts collides with warm air, there is the 
formation of more extensive convergence around the sur-
face as shown in Fig.  10c, d and simulated by Lee et  al. 
(2008a, b) and Lee (2011b). In other words, the areal extent 
of convergence or the number of grid points at which con-
vergence occurs becomes larger with increasing aerosol 

concentrations, which triggers convergence that is averaged 
over the domain and greater in the high-aerosol run than in 
the control run. Associated with this, air parcels are more 
numerous in the convergence field in the high-aerosol run. 
This induces more air parcels to move up and thus gener-
ates more updraft cores in the high-aerosol run than in the 
control run. More updraft cores induce more competition 
among them for heat and moisture in the high-aerosol run. 
Thus, lower convective energy is assigned to some of indi-
vidual cores in the high-aerosol run compared to the situa-
tion with less competition, which was also simulated by Lee 
et  al. (2008b) and Lee (2011b). This reduces the updraft 
speeds of those individual cores with the smaller amount 
of energy, which turns a portion of those updraft cores that 
have speeds greater than 10 m  s−1 and those updraft cores 
that can potentially grow to have speeds greater than 10 m 
 s−1 to updraft cores that have speeds lower than 10 m  s−1 
in the high-aerosol run. This in turn triggers a larger fre-
quency of updrafts with speeds lower than 10  m  s−1 and 
a smaller frequency of updrafts with speeds greater than 
10  m  s−1 in the high-aerosol run than in the control run 
after 21:00 LST on January 23rd .

For further examination of the roles played by increases 
in cloud-liquid evaporation with increasing aerosol concen-
trations in the stronger downdrafts, the high-aerosol run 
and the control run are repeated with cooling from cloud-
liquid evaporation turned off and cooling from rain evapo-
ration left on. The repeated runs are named the high-aer-
osol-noevp run and the control-noevp run, respectively. In 
these runs, cloud-liquid mass reduces due to cloud-liquid 
evaporation, although cloud-liquid evaporation does not 
affect temperature via its latent-heat absorption. As shown 
in Fig.  8b, negative buoyancy from rain evaporation and 
downdrafts are weaker in the high-aerosol-noevp run than 
in the control-noevp run throughout the whole simula-
tion period. Due to this, convergence and updrafts are also 
less intense in the high-aerosol-noevp run throughout the 
whole simulation period. Associated with this, the long-
dashed lines in Fig. 9 depict that the frequency of updrafts 
is smaller in the high-aerosol-noevp run than in the control-
noevp run over all of the speed range. This demonstrates 
that the enhanced cloud-liquid evaporation and intensity of 
convergence that are induced by increasing aerosol concen-
trations are the main causes of the greater domain-averaged 
updraft mass fluxes and condensation.

Here, we see that the response of updrafts to increasing 
aerosol concentrations is selective, which is that while the 
frequency of some portions of updrafts increases, that of 
other portions of updrafts reduces with increasing aerosol 
concentrations. Different types of updrafts control differ-
ent cloud types with different depths, considering that in 
general, strong (weak) updrafts generate and maintain deep 
(shallow) clouds. Hence, this selective response of updrafts 

Fig. 11  Vertical distributions of the time- and area-averaged cloud-
liquid and rain evaporation rates over the period between 12:00 and 
21:00 LST on January 23rd for the control run and the high-aerosol 
run
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is likely to induce the selective response of clouds. Stated 
differently, due to the selective response of updrafts, it is 
likely that there are different responses of clouds among 
clouds with different depths, which alter cloud-depth spa-
tiotemporal distributions or cloud-system organization. 
Motivated by this and the fact that studies of the effects of 
BC aerosol on clouds in the context of cloud-system organ-
ization have been rare, in the following Sect. 4.4, we exam-
ine this aspect of aerosol effects on cloud-system properties 
(i.e., cloud-system organization) and associated changes in 
precipitation properties.

4.4  Cloud-depth and precipitation distributions

Figure  12 shows the frequency distribution of precipita-
tion rates collected over all of the time steps and at all of 
the grid points at the surface. While a large difference in 

cumulative precipitation between the high-aerosol run 
and the control run is not seen, the frequency distribu-
tions of precipitation rate between the two runs have dif-
ferent features (Fig.  12a, b). For precipitation rates lower 
than ~7.5 mm  h−1, the high-aerosol run shows the higher 
frequency than the control run does. The reverse is true for 
precipitation rates greater than ~7.5 mm  h−1 (Fig. 12a, b). 
Hence, we can see that the increases in aerosol concentra-
tion and absorption of solar radiation by aerosols enhance 
relatively light precipitation, while suppressing relatively 
heavy precipitation. The precipitation, which is suppressed 
and has rates higher than ~7.5 mm  h−1, is compensated by 
the precipitation that is enhanced and has rates lower than 
~7.5  mm  h−1 in the high-aerosol run. This results in the 
small difference in cumulative precipitation.

Figure  13 shows the frequency distributions of cloud 
depths, which represent cloud-depth spatiotemporal dis-
tributions. These cloud depths are collected over all of the 
time steps and in all of the cloud cells. The frequency of 
clouds having depths greater than ~5 km is smaller in the 
high-aerosol run, while the frequency of clouds having 
depths smaller than ~5 km is higher in the high-aerosol run 
(Fig. 13).

As seen in Fig.  14 for the control run, precipitation 
rates and cloud depths are proportional. In general, clouds 
with depths greater than ~5 km produce precipitation rates 
greater than ~7.5 mm  h−1. Clouds whose depths are lower 
than ~5 km produce precipitation rates lower than ~7.5 mm 
 h−1. Concerning Fig. 14, a precipitation rate at the bottom 
of each cloudy column together with the vertical extent, 

Fig. 12  Distributions of precipitation-rate frequency a for rates 
between 0 and 40 mm  h−1 and b for rates between 0 and 7.5 mm  h−1 
in the control run and the high-aerosol run

Fig. 13  Distributions of cloud-depth frequency for the control run 
and the high-aerosol run



3918 S. S. Lee et al.

1 3

or depth, of a cloud layer whose bottom is located clos-
est to the surface in each of those columns is obtained at 
each time step. Then, precipitation rates collected over 
those columns and all time steps are classified by the 
depths and the average and standard deviation of precipi-
tation rates for each of the depths are calculated. Differ-
ences in the precipitation-rate distribution (or the average 
and standard deviation of precipitation rates) between the 
control run and the high-aerosol run for each cloud depth 
are smaller than 10% (not shown), although the control-run 
cloud depth reaches ~ 16 km and the high-aerosol-run depth 
reaches ~ 15 km (Fig. 13). In other words, for the high-aero-
sol run, we can also say that clouds with depths greater than 
~5 km produce precipitation rates greater than ~7.5 mm  h−1 
and clouds whose depths are lower than ~5  km produce 
precipitation rates lower than ~7.5 mm  h−1. We have also 
obtained all updrafts at grid points where clouds exist in 
each of cloudy columns together with the vertical extent, 
or depths, of cloud layers in each of those columns at each 
time step. Those updrafts are then classified by the depths 
and the average and standard deviation of those updrafts for 
each of the depths are calculated. By doing this, we are able 
to obtain the relation between cloud depth and updrafts for 
the control run (Fig. 15). In general, updrafts with speeds 
lower (higher) than ~10 m  s−1 are generally linked to clouds 

with depths smaller (greater) than 5 km. This is also appli-
cable to the high-aerosol run, because similar to Fig.  14, 
differences in the updraft distribution (or the average and 
standard deviation of updrafts) between the runs for each 
of the cloud depths are smaller than 10%. The relationship 
among cloud depths, precipitation rates, and updrafts in 
Figs. 14 and 15 is applicable to both the high-aerosol run 
and the control run, thus, it can be said that associated with 
the more intense convergence and more numerous updrafts 
below 10 m  s−1 as shown in Sect. 4.3, there is a larger num-
ber of clouds whose depths are lower than ~5  km in the 
high-aerosol run and this induces the high-aerosol run to 
have the larger frequency of precipitation with rates below 
~7.5 mm  h−1 than that in the control run. Less numerous 
updrafts with speeds above 10 m  s−1 are associated with a 
smaller number of clouds with depths greater than ~5 km 
in the high-aerosol run. This induces the high-aerosol run 
to have the smaller frequency of precipitation rates above 
~7.5 mm  h−1 than that in the control run.

BC aerosol affects surface heat fluxes by modulat-
ing solar radiation that reaches the surface. Surface 
heat fluxes in turn affect the development of convec-
tion or updrafts, hence, aerosol-induced changing surface 
heat fluxes can play a role in above-described changing 
updrafts and thus clouds and precipitation with increasing 

Fig. 14  Precipitation rates as 
a function of cloud depth for 
the control run. One standard 
deviation of precipitation rate is 
shown by vertical bars

Fig. 15  Updrafts as a function 
of cloud depth for the control 
run. One standard deviation of 
updrafts is shown by vertical 
bars
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aerosol concentrations. In the following Sect. 4.5, this role 
is examined.

4.5  Surface heat fluxes

Figure 16a, b show scatterplots of surface heat flux (latent 
plus sensible heat fluxes in W  m−2) as a function of pre-
cipitation rate in the control run and the high-aerosol run, 
respectively. For precipitation rates lower than 7.5 mm  h−1, 
the high-aerosol run shows more data points than the con-
trol run does, consistent with Fig. 12a, b, which shows that 
the high-aerosol run has more frequent precipitation with 
rates lower than 7.5 mm  h−1. These more frequent occur-
rences of precipitation rates lower than 7.5  mm  h−1 are 
associated with the fact that the high-aerosol run shows 
more frequent occurrences of surface heat fluxes below 
~200 W  m−2 (Fig. 16). However, for precipitation that has 
rates above 7.5 mm  h−1, the control run shows more data 
points. These data points are associated with surface heat 
fluxes greater than ~200 W  m−2.

Concerning the high-aerosol run (control run), more 
points representing surface heat fluxes lower (greater) 
than ~200  W  m−2 are associated with more numerous 
clouds whose depths are lower (higher) than ~5  km, 
which in turn produce more light (heavy) precipitation 

whose rates are below (above) ~ 7.5 mm  h−1 (Figs. 12, 13, 
14, 16). Due to the larger concentration of aerosols that 
absorb solar radiation in the high-aerosol run, the high-
aerosol run has the smaller solar radiation reaching the 
surface than the control run does. Associated with this, 
in the high-aerosol run, there are more (less) occurrences 
of the low (high) surface heat fluxes lower (greater) than 
~200 W  m−2. This situation with surface fluxes works in 
tandem with aerosol-induced increases in the intensity of 
convergence to produce more occurrences of precipita-
tion whose rates are below ~7.5 mm  h−1 and less occur-
rences of precipitation whose rates are above ~7.5  mm 
 h−1 in the high-aerosol run than in the control run.

5  Summary and discussion

5.1  Summary

This study examined the effects of interplay between aer-
osol absorption, thermodynamics, dynamics, and micro-
physics on clouds and precipitation in the context of 
cloud-system organization and precipitation distributions.

Despite the increases in stability or the decreases in 
CAPE with increases in the concentration of absorbing 
aerosols, ~9 h after clouds start to form, decreases in the 
averaged updraft mass fluxes (which are induced by the 
increases in stability) turn into their increases that are 
maintained to the end of the simulations. This is mainly 
due to aerosol-induced increases in cooling from cloud-
liquid evaporation, which intensifies downdrafts and 
convergence. The intensified convergence selectively 
enhances the frequency of weak updrafts with speeds 
lower than ~10  m  s−1, which is supported by increases 
in the occurrence of low surface heat fluxes with values 
lower than ~200  W  m−2 and results in the increases in 
the averaged updraft mass fluxes. The increase in the fre-
quency of weak updrafts with speeds lower than ~10  m 
 s−1 supports the development of more shallow clouds 
whose depths are lower than ~5  km. These more shal-
low clouds produce more weak precipitation whose rates 
are lower than ~7.5 mm  h−1. The increases in the weak-
updraft frequency for the updraft speed lower than ~10 m 
 s−1 enable condensation to increase and this in turn ena-
bles increases in the LWP and the accretion of cloud liq-
uid by precipitation. These increases in accretion offset 
suppressed autoconversion and thus result in the negli-
gible variation in cumulative precipitation with varying 
aerosol concentrations. The increases in the LWP con-
tribute to the 63% increase in the negative CRF and the 
23% increase in cloud albedo.

Fig. 16  Scatterplots of the joint distributions of precipitation rates 
and surface heat fluxes (latent plus sensible heat fluxes) for a the con-
trol run and b the high-aerosol run
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5.2  Discussion

5.2.1  Aerosol effects on CAPE and horizontal temperature 
gradient

When there is local evaporative cooling, as in this study, 
an air column with a low temperature is generated. This air 
column with the low temperature corresponds to cold pool. 
This air column creates a horizontal temperature gradient 
by making temperature contrast with an air column having 
surrounding warm air with a high temperature. The greater 
evaporative cooling creates greater temperature contrast 
or a greater horizontal temperature gradient between the 
columns. Generating this greater temperature contrast, 
aerosol-induced greater evaporative cooling results in the 
more intense development of downdrafts, convergence, and 
updrafts as simulated in this study.

The traditional understanding of BC-aerosol effects 
on clouds in the previous studies indicates that aerosol-
induced increases in radiative heating can make cold air 
above warm air less cold and thus make the vertical temper-
ature gradient and CAPE smaller, which in turn potentially 
makes the warm air below rise up with weaker updrafts 
(Feingold et al. 2005; Ramana et al. 2010; Jacobson 2012). 
This study indicates that this traditional understanding 
based on CAPE and the associated vertical temperature 
gradient does not give us a full picture of how BC aerosols 
affect cloud systems. This study demonstrates that to obtain 
a full picture from the results presented here, we need to 
pay our attention to the horizontal temperature gradient.

5.2.2  Comprehensive approaches to aerosol effects

This study demonstrates that it is not wise to consider only 
stability (based on CAPE regarding the vertical tempera-
ture gradient) and domain-averaged cloud properties (e.g., 
the domain-averaged cumulative precipitation) as a way of 
identifying the signature of BC-aerosol effects on clouds as 
is done in the traditional approach. This study shows that 
the response of updraft, cloud-depth, and precipitation-
rate frequencies to the effect of aerosol perturbations on 
the horizontal temperature gradient bears a strong signa-
ture of BC-aerosol effects. Hence, for more comprehensive 
studies of aerosol-cloud interactions, we should look into 
more diverse aspects of these interactions by incorporat-
ing more thermodynamic variables such as the horizontal 
temperature gradient (in addition to CAPE or associated 
vertical temperature gradient), cloud-system properties 
(e.g., the frequency of cloud-cell depths), cloud micro-
physical and dynamic processes (e.g., evaporation and 
updraft frequency), and more precipitation properties such 
as precipitation-rate frequency (in addition to the precipi-
tation amount). For the comprehensive future studies, the 

geostationary satellite and radar can be useful, considering 
that they are able to identify cloud-system and precipitation 
properties with high-level time and spatial resolutions.
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